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Abstract 29 

Redox-sensitive trace metals (Mn, Fe, U, Mo, Re), nutrients and terminal metabolic products 30 

(NO3
-, NH4

+, PO4
3-, total alkalinity) were for the first time investigated in pore waters of 31 

Antarctic coastal sediments. The results of this study reveal a high spatial variability in redox 32 

conditions in surface sediments from Potter Cove, King George Island, western Antarctic 33 

Peninsula. Particularly in the shallower areas of the bay the significant correlation between 34 

sulphate depletion and total alkalinity, the inorganic product of terminal metabolism, indicates 35 

sulphate reduction to be the major pathway of organic matter mineralisation. In contrast, 36 

dissimilatory metal oxide reduction seems to be prevailing in the newly ice-free areas and the 37 

deeper troughs, where concentrations of dissolved iron of up to 700 µM were found. We 38 

suggest that the increased accumulation of fine-grained material with high amounts of 39 

reducible metal oxides in combination with the reduced availability of metabolisable organic 40 

matter and enhanced physical and biological disturbance by bottom water currents, ice 41 

scouring and burrowing organisms favours metal oxide reduction over sulphate reduction in 42 

these areas. Based on modelled iron fluxes we calculate the contribution of the Antarctic 43 

shelf to the pool of potentially bioavailable iron (Feb) to be 6.9 x 103 to 790 x 103 t yr-1. 44 

Consequently, these shelf sediments would provide an Feb flux of 0.35–39.5 mg m-2 yr-1 45 

(median: 3.8 mg m-2 yr-1) to the Southern Ocean. This contribution is in the same order of 46 

magnitude as the flux provided by icebergs and significantly higher than the input by aeolian 47 

dust. For this reason suboxic shelf sediments form a key source of iron for the high nutrient-48 

low chlorophyll (HNLC) areas of the Southern Ocean. This source may become even more 49 

important in the future due to rising temperatures at the WAP accompanied by enhanced 50 

glacier retreat and the accumulation of melt water derived iron-rich material on the shelf.51 
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1. INTRODUCTION 52 

The microbially mediated mineralisation of organic material forms a major process controlling 53 

redox conditions and therefore the cycling of trace metals and nutrients in marine sediments 54 

(e.g., Elderfield et al., 1985; Shaw et al., 1990). Since the oxidation of carbon is coupled to 55 

the reactivity and availability of electron acceptors, like O2, nitrate, Mn(IV), Fe(III) or sulphate, 56 

their occurrence or absence in pore waters provides valuable information on redox conditions 57 

in the sediment (e.g., Beck et al., 2008b; Canfield and Thamdrup, 2009). Redox-sensitive 58 

trace metals (Fe, Mn, V, Mo, U, Re) and nutrients (NO3
-, NO2

-, NH4
+, PO4

3-) have therefore 59 

been successfully used to decipher the redox state and biogeochemical processes in a wide 60 

range of coastal marine and deep-sea sediments of the North Atlantic, the North Pacific, the 61 

North Sea and off Peru (Froelich et al., 1979; Shaw et al., 1990; Canfield et al., 1993; 62 

Morford et al., 2005; Beck et al., 2008b; Beck et al., 2008a; Scholz et al., 2011; Morford et 63 

al., 2012). Several studies have shown that in the neritic zone, where the aerobic layer is 64 

often only a few millimetres thick, sulphate reduction is considered to be the dominant 65 

pathway of anaerobic organic matter degradation, which accounts for up to 92% of carbon 66 

oxidation (Jørgensen, 1982; Thamdrup and Canfield, 1996; Kostka et al., 1999). In areas 67 

with Mn and Fe-rich surface sediments metal oxide reduction may play a major role as well 68 

(Canfield et al., 1993; Thamdrup and Canfield, 1996; Rysgaard et al., 1998; Vandieken et al., 69 

2006). 70 

To date there are only a few studies dealing with geochemical processes and organic matter 71 

degradation in coastal marine sediments in the sub-Antarctic or Antarctic. Hartnett et al. 72 

(2008), for example, calculated benthic oxygen fluxes and denitrification rates from pore 73 

water profiles collected close to Anvers Island at the western Antarctic Peninsula. They could 74 

show that O2 consumption rates on the Antarctic continental margin are comparable to rates 75 

found in other typical continental margin sediments. The influence of bioturbation on nutrient 76 

(NH4
+, NO3

-) exchange rates across the sediment-water interface were analysed in 77 

sediments from Factory Cove, Signey Island, South Orkney Islands by Nedwell and Walker 78 

(1995). Further studies dealt with sulphate reduction rates in Subantarctic sediments off 79 
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Signey Island (Nedwell, 1989) and in Ellis Fjord, Vestfold Hills, East Antarctica (Franzmann 80 

et al., 1988). However, investigations about early diagenetic processes and the behaviour of 81 

redox-sensitive trace elements in Antarctic pore waters are rare and restricted to deep sea 82 

regions of the Southern Ocean (e.g., King et al., 2000). This gap is astonishing as the 83 

Southern Ocean is known to be a high nutrient-low chlorophyll (HNLC) region where primary 84 

production is limited by the availability of bioavailable iron (e.g., Martin et al., 1990; Boyd et 85 

al., 2007). Consequently, the recycling of trace metals in Antarctic shelf sediments and their 86 

subsequent release into the water column could possibly represent an important source of 87 

bioavailable iron to the Southern Ocean, as it has been proposed by a number of authors 88 

(Planquette et al., 2007; Dulaiova et al., 2009; Lancelot et al., 2009; Tagliabue et al., 2010; 89 

Shaw et al., 2011; de Jong et al., 2012; Measures et al., 2012; Raiswell and Canfield, 2012 90 

and references therein; Hatta et al., 2013; Measures et al., 2013). 91 

In this study we for the first time report data on redox-sensitive trace metals (Mn, Fe, Mo, U, 92 

Re), nutrients (NO3
-, PO4

3-), sulphate and terminal metabolic products (NH4
+, H2S, total 93 

alkalinity) determined in pore waters from Potter Cove, King George Island, maritime 94 

Antarctica. In combination with solid-phase data (bulk parameters, like TOC and TS) we 95 

intend to shed light on controlling factors of early diagenetic processes and redox conditions 96 

at different locations in this model area. Moreover, based on a modelling approach, the 97 

potential of Antarctic shelf sediments as a significant source of bioavailable iron for the 98 

Southern Ocean will be discussed. 99 

100 



 5 

2. GEOCHEMICAL BACKGROUND 101 

2.1 Trace element geochemistry 102 

2.1.1 Iron 103 

In oxic environments sediment iron is naturally occuring as solid Fe(II) and Fe(III) bearing 104 

silicates and (hydr)oxides (Poulton and Raiswell, 2005; Schroth et al., 2009). During early 105 

diagenetic processes in the sediment microbially mediated reduction and dissolution of 106 

reactive Fe (oxyhydr)oxides can occur leading to an enrichment of dissolved Fe(II) in the 107 

pore water (e.g., Canfield et al., 1993). Whereas in the presence of H2S Fe (hydr)oxides 108 

(e.g., ferrihydrite or lepidocrocite) rapidly react to insoluble Fe(II) phases, like FeS and finally 109 

pyrite (FeS2), residual Fe silicates require more than a century for a significant sulphidisation 110 

due to their slower reaction kinetics (Canfield, 1989; Canfield et al., 1992; Raiswell and 111 

Canfield, 1996). 112 

 113 

2.1.2 Manganese 114 

While stable in its oxidised and solid form in oxic seawater, Mn(IV) oxides are reduced to 115 

dissolved Mn(II) (and Mn(III)) in suboxic sediments (Stumm and Morgan, 1981; Trouwborst 116 

et al., 2006; Madison et al., 2013). With increasing alkalinity production in deeper, anoxic 117 

sediment layers Mn(II) is fixed again to the sediments by precipitation of mixed Ca–Mn 118 

carbonates (Middleburg et al., 1987; Jakobsen and Postma, 1989; Mucci, 2004). Mn 119 

(hydr)oxides are associated with Fe and some trace elements (e.g., As, Co, Mo, Ni, V) which 120 

are either incorporated or adsorbed on their surface and whose cycling is directly linked to 121 

dissolution and precipitation processes of the respective (hydr)oxide (e.g., Shaw et al., 1990; 122 

Burdige, 1993). 123 

 124 

2.1.3 Rhenium 125 

Rhenium is characterised by its conservative behaviour in marine waters, presumably 126 

present as an oxyanion (Re(VII)O4
−) at 39.8 ± 0.2 pM (corrected to 35‰ salinity; Anbar et al., 127 

1992; Colodner et al., 1995). In suboxic pore water ReO4
- is probably reduced to Re(IV) and 128 
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presumably precipitated as ReS4 into sediments where conducive conditions for organic 129 

matter oxidation by Fe(III) and sulphate reduction are persisting (Colodner et al., 1993; 130 

Morford et al., 2012). 131 

 132 

2.1.4 Molybdenum 133 

Being generally conservative in oxic marine environments, molybdenum is present as 134 

dissolved molybdate (Mo(IV)O4
2-) showing concentrations of around 110 nM at a salinity of 135 

35‰ (Morris, 1975; Algeo and Tribovillard, 2009). However, under certain conditions a 136 

temporary non-conservative behaviour of molybdenum, which may be fixed by transparent 137 

exopolymer particles (TEP) in aggregrates during the breakdown of plankton blooms is 138 

possible as well (Dellwig et al., 2007). In reducing sediments when hydrogen sulphide 139 

concentrations in the pore water exceed 50–250 µM (Helz et al., 1996; Zheng et al., 2000) 140 

MoO4
2- is subsequently transformed into dissolved thiomolybdates (MoOxS4-x

2-, x = 0 to 3) 141 

and finally scavenged as particle-reactive tetrathiomolybdate (MoS4
2-) by iron sulphides 142 

and/or humic materials (Bertine and Turekian, 1973; Erickson and Helz, 2000; Tribovillard et 143 

al., 2004; Vorlicek et al., 2004). Furthermore, pore water geochemistry of Mo is strongly 144 

linked to the cycling of Mn and Fe due to the fact that Mo adsorbs onto iron and manganese 145 

(oxy)hydroxides and is released during their reductive dissolution at or below the sediment-146 

water interface (Crusius et al., 1996; Helz et al., 1996). 147 

 148 

2.1.5 Uranium 149 

Uranium shows a conservative behaviour in oxygenated seawater where it is present as 150 

soluble U(VI) carbonate complex (UO2(CO3)3
4-) at approximately 13 nM (Ku et al., 1977; 151 

Langmuir, 1978). According to Klinkhammer & Palmer (1991) 75% of the removal of 152 

dissolved U from the ocean is related to the diffusion of U into suboxic sediments. Below the 153 

iron reduction zone and mediated by bacterial Fe and sulphate reduction it is reduced to 154 

U(IV) or U(III) and finally deposited as stable UO2 (Lovley et al., 1991; Sani et al., 2004). 155 

Several studies moreover underline the evident association between U and Fe oxides, which 156 
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seem to co-cycle in suboxic sediments (Barnes and Cochran, 1990; Church et al., 1996; Duff 157 

et al., 2002; Morford et al., 2007). 158 

 159 

3. REGIONAL SETTING 160 

Potter Cove is a 4 km long and 2.5 km wide tributary inlet at the southwestern end of King 161 

George Island (KGI, 62°23‟S, 58°27‟W), the largest of the South Shetland Islands (Fig. 1). A 162 

shallow (<30 m) transversal sill separates the inner (~3.0 km2) from the outer cove 163 

(~3.5 km2), which is characterised by a broad intertidal area with water depths between 100 164 

and 200 m in the southeast and extensive underwater macroalgal forests on hard bottom at 165 

its coasts (Klöser et al., 1994; Iken et al., 1998). In the inner cove, in contrast, where water 166 

depths do not exceed 50 m, soft substrate is dominant. While Fourcade Glacier has covered 167 

half of the inner cove in the 1950s, its tidewater front has been retreating more than 1 km to 168 

the east and is grounding on the shore since c. 2008 (Rückamp et al., 2011). Nowadays, 169 

high glacial cliffs grounded on bedrock surround the cove in the northern and eastern sector, 170 

whereas a broad sandy beach delimits the bay in the south. Between July/August and 171 

October Potter Cove is completely covered by ice, which starts to break up end of 172 

October/early November (Yoon et al., 2004). During the rest of the year the cove is ice-free 173 

and the hydrology of Potter Cove is dominated by saline and cold subsurface waters (34.0–174 

34.5 psu, <0°C) from the adjacent Maxwell Bay, which enters the cove in the northwestern 175 

part in a generally wind-driven cyclonic circulation pattern (Roese and Drabble, 1998). It is 176 

overlain by a surface layer of less saline and warmer water (<34 psu, 0–1°C) influenced by 177 

seasonally and interannually varying freshwater discharge from the melting Fourcade glacier 178 

and surface runoff (Khim and Yoon, 2003). Three main streams with different regimes 179 

(snowy-lacustrine in the southwest and snowy-glacial in the south-east) carrying sediment-180 

laden melt water meander through the southern shore. By these streams about 0.14 kg m-3 181 

of fine-grained suspended particulate material (0.0042–0.532 kg s-1) is transported into 182 

coastal waters during the melting period (Schloss et al., 2002). 183 

  184 
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4. MATERIAL & METHODS 185 

4.1 Sampling 186 

During austral summers 2009/2010 and 2010/2011 46 sediment cores, characterised by an 187 

overlying water column showing no evidence for resuspended sediment and a clearly defined 188 

sediment-water interface were retrieved in Potter Cove, King George Island (Fig. 1). 189 

Sampling was done using a modified sediment corer (UWITEC, Austria) with an additional 190 

weight of 12 kg (GC) and push corers (PC) operated by the Argentine Diving Division, with a 191 

diameter of 5.7 and 5.4 cm, respectively. Moreover, five surface sediment samples were 192 

taken at locations where coring was not possible using a Van Veen grabber (Fig. 1). Directly 193 

after core recovery sediment cores were transported in upright position to the field lab 194 

avoiding any kind of vibration. 13 of these cores were immediately sampled for pore waters 195 

in 1- (0–5 cm), 2- (7–27 cm) and 5-cm resolution (≥30 cm). Therefore ultrapure water-196 

washed rhizons (0.15 µm mean pore size, Rhizosphere Research Products, The 197 

Netherlands) were inserted simultaneously into the core liner through pre-drilled holes that 198 

were covered by transparent adhesive tape and pore waters were collected in 12 mL 199 

syringes. One aliquot of each pore water sample was filled in 5 mL polypropylene (PP) tubes 200 

(conditioned with 2% HNO3 conc. (subboiled)), acidified with nitric acid (≥69%, TraceSelect®, 201 

Sigma Aldrich, Germany) to pH <2, stored at 4°C and transported to the home lab for major 202 

and trace element analyses (Na, S, P, Fe, Mn, Mo, Re, U). A second aliquot was directly 203 

measured for nutrients and total alkalinity (TA) at Carlini station within one hour after core 204 

sampling. For selected cores (P02–P08) a third aliquot of 1.5 mL was directly given in a 2 mL 205 

PP tube (Eppendorf, Germany) already filled with 0.6 mL of a 50 mM Zn acetate solution for 206 

H2S analysis. Sediments of parallel cores were sampled at 1-cm resolution, filled in pre-207 

weighed polyethylene (PE) bags, weighed, lyophilised and weighed again to calculate the 208 

water content of each sample. Where no parallel cores could be recovered (K17, K23, K48, 209 

KX1, KX4, P03) sediment samples were taken directly after the cores have been sampled for 210 

pore water following the procedures described above. Original depths of sediment samples 211 

were then estimated by using a correction factor (core length before pore water sampling 212 
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divided by the core length after pore water sampling) to account for the loss in core length 213 

during pore water sampling. 214 

 215 

4.2 Pore water analyses 216 

Nutrients (NO2
-, NOx

-, NH4
+) and TA were measured on pore water samples directly on-site 217 

with a Multiscan GO microplate spectrophotometer (Thermo Fisher Scientific, Finland) 218 

following the procedures after Miranda et al. (2001), Schnetger and Lehners (2014), Benesch 219 

and Mangelsdorf (1972) and Sarazin et al. (1999) with slight modifications. Whereas 220 

ammonia analyses were done on HgCl2 poisoned samples (Kattner, 1999) two weeks after 221 

pore water sampling, all other parameters where determined within 1 h of sampling on non-222 

poisoned sample aliquots. Nitrate (NO3
-) was calculated from the difference between NOx

- 223 

and NO2
-. H2S was analysed following the method described by Cline (1969), which was 224 

adapted to microtiter plate wells. Major and trace elements (Na, Fe, Mn, SO4
2- (as total 225 

sulphur), PO4
3- (as total phosphorus)) were determined after a 2-fold dilution by inductively 226 

coupled plasma optical emission spectroscopy (iCAP 6000, Thermo Scientific, Germany) 227 

using a spiked seawater standard for calibration and several internal standards for matrix 228 

correction (see Beck et al., 2008b for further information). Further, trace element analyses 229 

(Fe, Mn, Mo, Re, U) of 20-fold diluted sample aliquots were performed using an Element 2 230 

inductively coupled plasma mass spectrometer (Thermo Scientific, Germany) following the 231 

procedure of Rodushkin (1998). Since we cannot exclude that nanoparticulate and colloidal 232 

Fe might have even passed the 0.15 µm filter of the rhizons used in this study, it should be 233 

noted here that the resulting Fe concentrations may represent a mixture of truly dissolved Fe 234 

(operationally defined as passing through a 0.02 μm filter; see Raiswell and Canfield, 2012) 235 

as well as nanoparticulate (<0.1 µm) and colloidal species (<1 µm). 236 

 237 

4.3 Sediment analyses 238 

Total sulphur (TS) and total carbon (TC) on sediment core samples were analysed on fine-239 

ground samples (<0.125 mm in agate ball mills) by means of a CS analyser (ELTRA CS 500, 240 
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Germany) equipped with a solid-state infrared detector. The content of total inorganic carbon 241 

(TIC) was determined coulometrically using a CM 5012 CO2 coulometer coupled to a 242 

CM 5130 acidification module (UIC, Joliet, USA) whereas total organic carbon (TOC) was 243 

then calculated as the difference between TC and TIC (Babu et al., 1999). Based on the pore 244 

water salinity a correction for sea salt was carried out for all element concentrations. Where 245 

no pore water data were available sulphate concentrations were estimated using 246 

conventional seawater composition and a salinity of 34 psu. 247 

 248 

4.4 Calculation of sulphate depletion 249 

The depletion in sulphate (SO4
2-

dep) representing the net amount of sulphate consumption via 250 

microbial SO4
2- reduction was determined for each sediment depth using the following 251 

formula modified after Weston et al. (2006): 252 

 253 

          (1) 254 

 255 

where Na+
PW and SO4

2-
PW are the measured molar concentrations of sodium and sulphate in 256 

the pore water and MRSW is the molar ratio of Na+ and SO4
2- which is assumed to be 257 

constant in oxic surface seawater (MR = 16.6). Since the ratio of Na+
PW to MRSW represents 258 

the `expected´ SO4
2- concentration in the pore water with a given salinity, the difference 259 

between this concentration and SO4
2-

PW is consequently an estimate for the metabolic 260 

amount of sulphate reduction which is concomitantly corrected for slight changes in salinity 261 

due to fresh water input (e.g., atmospheric-, melt-, and ground water). 262 

 263 

4.5 Estimation of sulphate and iron reduction rates and fluxes 264 

Sulphate (SRR) and iron reduction rates (FeRR) (FeRR are not shown) of selected cores 265 

were estimated using the REC (Rate Estimation from Concentrations) model after Lettmann 266 

et al. (2012). This numerical procedure is based on the 1-D steady state diagenetic transport 267 

reaction equation for dissolved compounds, which is inverted by Tikhonov regularisation, a 268 
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common and robust technique for solving ill-conditioned inverse problems (Lettmann et al., 269 

2012). In addition to the determined sulphate and iron concentrations in the pore water, a few 270 

other parameters were needed for reduction rate calculation using the REC model. The 271 

effective diffusion coefficients in the pore water volume of the sediment (DSed) were 272 

calculated after Boudreau (1997) following equation 2: 273 

 274 

           (2) 275 

 276 

where D represents the respective molecular diffusion coefficient of sulphate (0.04662 m2 s-1; 277 

Boudreau, 1997) and iron (0.03162 m2 s-1; Boudreau, 1997) in the seawater at 0°C, 34 psu 278 

and 3 atm and Θ is the tortuosity. According to Boudreau (1997) the tortuosity can be 279 

estimated from the porosity Φ by: 280 

 281 

          (3) 282 

 283 

where Φ of each sediment layer was calculated using the following equation: 284 

 285 

           (4) 286 

 287 

where V is the volume (in cm3), mw is the wet weight (in g) and md is the dry weight (in g) of 288 

each sample and ρsw is the density of seawater (in g cm-3). Moreover, bioturbation was 289 

considered in this model by using the bioturbation coefficient Db, which was calculated after 290 

Tromp et al. (1995): 291 

 292 

         (5) 293 

 294 
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assuming an average regional sedimentation rate of ω = 0.3 cm yr-1 during the last century 295 

(0.04–1.7 cm yr-1, average: 0.3 cm yr-1; Monien et al., 2011; Majewski et al., 2012).  296 

 297 

Finally, total fluxes of Fe (FT) across the sediment-water interface were calculated for each 298 

location based on the advective flux and the total diffusive flux according to equation 6: 299 

 300 

               (6) 301 

 302 

Here, the advective flux FA was calculated with the sedimentation rate (burial rate), pore 303 

water porosity and the top-most measured pore water concentration value C0: 304 

 305 

            (7) 306 

 307 

The diffusive flux FD , in contrast, represents the sum of the molecular diffusive part and the 308 

bioturbative part: 309 

 310 

             (8) 311 

 312 

with  denoting the estimated first derivative of the fitted pore water concentration profile 313 

obtained from the REC model at the top most sample location. This procedure of calculating 314 

the total flux FT across the sediment-water interface by using the REC model results can be 315 

considered as appropriate as the data sampling intervals close to the sediment-water 316 

interface were sufficiently small to capture and resolve the local chemical processes. 317 

 318 

4.6 Statistics 319 

For validation of the methods carefully selected international and in-house (in italic) reference 320 

materials were measured for sediment (Loess, Peru-1, UT-S) and pore water analyses 321 

(NASS-5, CASS-5 (both NRC, Canada), spiked Atlantic Seawater (Osil, UK), single-element 322 



 13 

standard solutions (Alfa Aesar, U.S.)). The pooled relative standard deviation (RSDpooled) 323 

after Skoog & Leary (1996) was used to determine the degree of statistical spread and 324 

therefore the precision of a method. To get an idea of the accuracy of a method the relative 325 

error f representing the variation from the certified value is determined (Skoog and Leary, 326 

1996). The results of the statistical evaluation are given in Table 2. The precision of sediment 327 

analyses (TS, TC, TIC) was ≤5% and accuracy ranged from -0.6 to 2.5% (TOC: -1.2%). In 328 

case of pore water analyses precision was better than 5% except for Re (7.5%) and very low 329 

(<0.03 µM) Mn (17%) and Fe (36%) concentrations. Generally accuracy ranged between -330 

5.3% and 5.7% with only Re showing a higher relative error (11%). Where |f| >5% (major 331 

elements) and |f| >10% (trace elements) correction factors were calculated based on one of 332 

the reference samples using other reference samples for validation in order to minimise 333 

systematic errors. 334 

  335 

5. RESULTS & DISCUSSION 336 

5.1 Core descriptions 337 

In general, surface sediments from Potter Cove are dominated by homogenous brown-338 

greyish silty-clays intermingled with ice-rafted debris. Worms and worm tubes found in all 339 

cores suggest a moderate to high bioturbation in these sediments. Whereas close to the 340 

glacier front (P04) more blackish coloured sediments revealing a possible sulphate reduction 341 

and the formation of iron sulphides are not found above 30 cmbsf, in the deeper areas of the 342 

cove first black spots and stripes are occurring between 10 cmbsf (P08) and 16 cmbsf (P05). 343 

In contrast, sampling locations near the southern coast are characterised by black, sulphidic 344 

sediments with a typical H2S smell already present at 7–10 cmbsf (e.g., P07). 345 

 346 

5.2 Pore water profiles and redox zonation of Potter Cove surface sediments 347 

The pore water geochemistry of selected cores will be discussed on a site-to-site basis in 348 

order to get a general picture of redox conditions in three different zones in the studied bay. 349 

Locations include: a) the newly ice-free area close to the tidewater front at the northeast of 350 
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Potter Cove (P04), b) the deeper (>40 m water depth) troughs in the central part of the bay 351 

(P05, P08) and c) a shallower zone influenced by melt water discharge at the southern coast 352 

(K48, P07). We explicitly do not use major and trace element data of the solid phase for 353 

identifying early diagenetic processes as resulting enrichments or depletions in the 354 

sediments would be completely masked by the high sedimentation rate in this region (0.04–355 

1.7 cm yr-1, average: 0.3 cm yr-1; Monien et al., 2011; Majewski et al., 2012). 356 

 357 

5.2.1 Inner cove close to the tidewater glacier front 358 

At site P04, which is located close to the glacier front in the northeastern section of Potter 359 

Cove pore water profiles of redox-sensitive nutrients and trace metals indicate the typical 360 

sequence of redox reactions in hemipelagic sediments as proposed by Froelich et al. (1979) 361 

and Canfield & Thamdrup (2009). As shown in figure 2 nitrate concentrations moderately 362 

decrease from bottom water concentrations (c. 25 µM) close to zero within the first 363 

10 centimeters indicating subsequent denitrification under reducing conditions. Concurrently, 364 

Mn and Fe concentrations are steadily increasing in this core until 25 and 20 cmbsf before 365 

particularly Fe shows a steep decline towards the bottom of the core (Fig. 2). Generally, the 366 

broad ferruginous and manganous zones present in the upper 30 cm of core P04 with high 367 

concentrations of dissolved Fe (>300 µM) and Mn (177 µM) document the „suboxic‟ character 368 

of these sediments. This is in line with measured concentrations of terminal metabolic 369 

products of organic matter degradation, such as total alkalinity (TA), ammonia and 370 

phosphate. A steady but rather slow increase in alkalinity with depth (8.9 mM at 30 cmbsf) 371 

and relatively low phosphate (<60 µM) and ammonia concentrations (<0.37 mM) suggest 372 

moderate microbial activity and recycling of nutrients in these sediments (Fig. 2). Although no 373 

evidence for a significant depletion in sulphate was found (Fig. 2) and although no smell of 374 

H2S could be detected, it is likely that the removal of dissolved Fe from the pore water at the 375 

base of core P04 (>25 cmbsf) gives first evidence for the abiotic reduction of iron oxides by 376 

sulphide (Canfield and Thamdrup, 2009). The behaviour of other redox-sensitive transition 377 

metals even suggests an earlier onset of sulphate reduction at this location. Uranium, for 378 
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instance, shows an exponential decrease from bottom water concentration (c. 12 nM) at the 379 

core top to near zero values at 15 cmbsf. Lovley et al. (1991) reported that microbial 380 

reduction of U(IV) is associated with Fe(III)-reducing microorganisms, which supports our 381 

finding that subsequent removal of U from pore water and Fe reduction does occur at similar 382 

depths in core P04. However, this is not true for Mo, which widely follows the profile of 383 

dissolved U showing minimum pore water concentrations (<4 nM) at 30 cm depth (Fig. 2). It 384 

is generally accepted that Mo removal from pore water and authigenic Mo enrichment in 385 

sediments can only be explained by the presence of free H2S (Helz et al., 1996; Zheng et al., 386 

2000; Morford et al., 2005; Morford et al., 2007). This, in turn, suggests an onset of sulphate 387 

reduction already in the upper 10 cm of the core, though not supported by the SO4
2-

dep profile 388 

(Fig. 2). A similar finding was made by King et al. (2000) who observed a significant 389 

depletion in pore water Mo in sediments of the Atlantic sector of the Southern Ocean without 390 

any evidence of sulphidic conditions. A final explanation for the unusual behaviour of Mo in 391 

core P04 could not be found in the context of this study. In summary it can be stated that 392 

pore waters of surface sediments close to the glacier front show evidence for „suboxic‟ 393 

conditions, which are dominated by microbial nitrate and metal (Fe, Mn) oxide reduction 394 

processes. 395 

 396 

5.2.2 The central inner cove 397 

Pore waters of sediments taken in the deeper (36–42 m water depth) central part of the inner 398 

cove (cores P05, P08) are characterised by a more condensed redox zonation compared to 399 

the stations close to the glacier front (Fig. 3). At both locations, nitrate is consumed within the 400 

first two cmbsf followed by a relatively sharply bounded zone of dissolved Fe enrichment in 401 

these pore waters peaking at c. 2–5 cmbsf. This trend is to some extent parallelled by Mn, 402 

which shows a slower decline with increasing sediment depth. With 514 µM (P08) and 403 

685 µM (P05), respectively, the central stations exhibit the highest concentrations of 404 

dissolved Fe found in Potter Cove sediments. The parallel decreases in Re, U, and Mo in 405 

core P08, which are accompanied by a gradual and moderate increase in terminal 406 
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metabolism products, such as TA (6.5 mM), phosphate (116 µM) and NH4
+ (0.35 mM) 407 

indicate microbially induced organic matter degradation and nutrient recycling under 408 

progressively reducing conditions (Fig. 3). At station P05 a significant decline in Mo and Re 409 

is only recognisable below c. 15–19 cmbsf, which widely coincides with the lower boundary 410 

of the iron reduction zone (Fig. 3). Like at station P08, TA, ammonia, and phosphate 411 

concentrations are moderately elevated in P05 pore waters with a phosphate maximum of 412 

180 µM directly within the iron reduction zone. This peak value is probably associated with 413 

the dissolution of iron phosphate phases (Tribovillard et al., 2006). Although the removal of 414 

Fe and Mo from the liquid phase in deeper sediment layers at both locations strongly 415 

suggests the presence of sulphidic conditions, neither an H2S odor nor a significant depletion 416 

in sulphate (c. 1–2 mM) could be detected (Fig. 3). In total, the overall picture in the central 417 

part of the cove is of a pore water influenced by nitrate and metal oxide reduction in the 418 

upper section and the onset of sulphidic conditions in deeper sediments (>10-20 cmbsf). 419 

 420 

5.2.3 Inner cove close to the melt water stream outlets and Carlini Station 421 

At the shallower southern coast of the cove pore water profiles show characteristic 422 

sequences of “compressed” redox zonation as expected for nearshore marine sediments. At 423 

station K48 located close to the Potter Creek melt water stream outlet the nitrate reduction 424 

zone is relatively narrow and is followed by enhanced concentrations of dissolved Mn and Fe 425 

reaching maxima of 33 and 189 µM in the first 10 cmbsf, respectively (Fig. 4). The concurrent 426 

decreases in Re, Mo, and U accompanied by a steady increase in SO4
2-

dep (5 mM) and TA 427 

(11 mM) towards the base of the core let suggest more severe reducing conditions in these 428 

sediments compared to the other sites. Particularly the removal of iron from the pore water in 429 

deeper, more blackish sediments (>11 cmbsf) seems to mark the beginning of the sulphidic 430 

zone, where dissolved iron is probably fixed as iron sulphide in the solid phase again. Even 431 

stronger anoxic conditions were found at station P07, which is situated in c. 5 m water depth 432 

in front of Carlini Station. Whereas nitrate is completely reduced and removed from the pore 433 

water system in the first centimetre, only marginal concentrations of dissolved iron (max. 434 
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21 µM) and manganese (max. 6.4 µM) were found in restricted reduction zones of the upper 435 

core (Fig. 4). The following gradual increase in SO4
2-

dep (7.4 mM) and the occurrence of free 436 

H2S in black sediment strongly suggest sulphidic conditions in depths below 5 cm (Fig. 4). It 437 

should be noted that free H2S could not be detected in any other core analysed in this study. 438 

The presence of anoxic conditions is moreover supported by the rapid and simultaneous 439 

removal of U, Re, and Mo from the pore water in the same depth interval (Fig. 4). 440 

Accompanied by the decline in sulphate synchronous increases in total alkalinity (13.5 mM), 441 

ammonia (1.3 mM) and phosphate (450 µM) were observed indicating rapid mineralisation of 442 

organic matter in P07 surface sediments (Fig. 4). In summary, pore water geochemistry 443 

reveals intensive degradation of organic material in sediments from the southern coast 444 

dominated by sulphate reduction and only minor influence by nitrate and metal oxide 445 

reduction. 446 

 447 

5.3 Pore water stoichiometry and sulphate reduction rates 448 

In order to identify the predominant organic matter mineralisation process in Potter Cove 449 

surface sediments at the different sampling locations regression analyses between SO4
2-

dep 450 

as an estimate for the metabolic amount of sulphate reduction and total alkalinity (TA) as a 451 

terminal metabolic product were conducted. Following the GEOSECS Choice of Takahashi 452 

et al. (1982) in a marine environment the definition of TA can be simplified to: 453 

 454 

                (9) 455 

 456 

which would make TA a suitable substitute for dissolved inorganic carbon (DIC). This is in 457 

line with Beck et al. (2008a) who could show that TA equals DIC in deep pore waters 458 

obtained from intertidal flat sediments at the NW German coast. According to equation 6, 459 

although particularly valid for living marine phytoplankton (Redfield et al., 1963; Sholkovitz, 460 

1973), we would expect a DIC:SO4
2-

dep (TA:SO4
2-

dep) ratio of 2 if the degradation of organic 461 

material is mainly linked to sulphate reduction. 462 
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 463 

 (10) 464 

 465 

Figure 5 reveals that sulphate depletion in Potter Cove pore waters is indeed positively 466 

correlated to total alkalinity in most of the cores located at the southeastern coast (KX4, K48, 467 

P03) and in the vicinity of the research station (P07, KX1, K23). At these sites the TA: SO4
2-468 

dep ratio, which is given by the slope of the respective regression analysis ranges between 469 

1.6 and 2.3 and is quite close to the expected value of 2 according to the Redfield ratio 470 

(Fig. 5). The presence of sulphate reducing conditions in Potter Cove sediments is not 471 

surprising. Several studies could already show that sulphate reduction is one of the main 472 

processes of organic matter degradation in coastal sediments, where the oxygen surface 473 

layer is often only a few millimetres thick and where it accounts for 10–92% of TOC oxidation 474 

(Jørgensen, 1982; Thamdrup and Canfield, 1996; Kostka et al., 1999; Gribsholt and 475 

Kristensen, 2003). Interestingly, this is not only true for temperate regions, but was also 476 

found in permanently cold coastal sediments from Svalbard, Arctic (Kostka et al., 1999) or 477 

from Signey Island, Subantarctic (Nedwell, 1989). Although we could show that sulphate 478 

reduction may represent the major pathway of organic matter mineralisation in this part of the 479 

bay, estimated sulphate reduction rates (SRR) are generally low. Using the numerical REC 480 

(Rate Estimation from Concentrations) model after Lettmann et al. (2012) integrated SRR of 481 

0.23-0.56 mol m-2 yr-1 were calculated for the upper 20 cm of cores KX4, K23, K48 and P07, 482 

which show the highest depletion in sulphate (Fig. 6). These rates are significantly lower than 483 

SRR estimated for other subpolar or temperate regions, like Factory Cove, Signey Island 484 

(2.5 mol m-2 yr-1; Nedwell, 1989), or the Danish coast (0.95–5.5 mol m-2 yr-1; Sørensen et al., 485 

1979), but comparable to SRR found in sediments off Greenland (0.39 mol m-2 yr-1; Rysgaard 486 

et al., 1996). Probably this is due to the fact that particularly in the shallower areas close to 487 

the coast sediments are affected by enhanced physical disturbance, for example, by iceberg 488 

scouring. The resulting intrusion of oxygenated seawater into deeper layers would inhibit 489 

sulphate reduction and lead to lower sulphate reduction rates at the surface. 490 
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In contrast, an entirely different picture is given for the cores that were taken in newly ice-free 491 

areas directly at the glacier front (P02, P01, P04) and in the deeper troughs (P05, P08) in the 492 

centre of the cove (>40 m) (Fig. 5). Here, correlations between sulphate depletion and TA 493 

are rather poor or even negative. Though redox-sensitive trace elements, like Mo may give 494 

evidence for sulphate reduction in some of these cores this process alone seems not to be 495 

responsible for increases in total alkalinity/DIC during organic matter degradation. At these 496 

locations alternative metabolic pathways, involving nitrate, manganese and iron reduction 497 

may be more important as it could also be shown for Arctic sediments northeast of Svalbard 498 

(Vandieken et al., 2006). 499 

 500 

5.4 Spatial distribution of redox conditions in Potter Cove surface sediments 501 

The spatial distribution of selected pore water and solid phase parameters shows a picture of 502 

diverse redox conditions at different sites in the study area (Fig. 7). There is evidence for a 503 

significant reduction of sulphate in Potter Cove surface sediments (0–20 cmbsf) as high 504 

sulphate depletion is only found along the southern coast of Potter Peninsula and in the 505 

northwestern area of the inner cove. It is accompanied by enhanced microbial activity, which 506 

is reflected by an increased total alkalinity in the pore water. The presence of sulphidic 507 

conditions is moreover supported by higher maximum concentrations in total sulphur in the 508 

solid phase of these sediments indicating the formation of iron sulphides, like FeSx and pyrite 509 

(Howarth and Jørgensen, 1984). Maxima of up to 0.4% TS were present in the shallower 510 

(<30 m) southeastern area of the bay where no pore water data are available. Considering 511 

that sea salt correction of solid phase sulphur may even be overestimated by assuming 512 

seawater composition of the pore water, the solid phase data strongly suggest even more 513 

intense sulphidic conditions in surface sediments in this area. 514 

In contrary, close to the glacier front and in the deeper troughs (>40 m) of the central cove 515 

concentrations of terminal products of metabolism, like TA and phosphate are generally 516 

lower and sulphate depletion does not exceed 4 mM (Fig. 7). On the other hand, these 517 

sediments are characterised by high concentrations of dissolved iron in the upper 19 cmbsf. 518 
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With average iron concentrations of >300 μM in the centre and at least >250 μM in the 519 

northeast of the cove metal oxide reduction seems to be prevailing in these areas as has 520 

been shown in section 5.2. Maximum values of dissolved iron found in Potter Cove surface 521 

sediments (c. 700 μM) are even significantly higher than in any other study conducted so far. 522 

Morford et al. (2009), for example, reported Fe concentrations in coastal pore waters from 523 

Buzzard Bay, Massachusetts (USA) of up to 500 μM. Lower Fe concentrations were found in 524 

surface sediments in the California Borderland (<200 µM; Shaw et al., 1990) and from the 525 

Skagerak, Denmark (c. 180 µM; Canfield et al., 1993). Even in high-Arctic coastal marine 526 

sediments from Young Sound, Northeast Greenland where iron reduction is considered to be 527 

a major pathway of organic matter degradation, concentrations of dissolved Fe in the pore 528 

water do not exceed 300 μM (Rysgaard et al., 1998). 529 

 530 

5.5 Factors controlling redox conditions in Potter Cove sediments 531 

There are several factors affecting redox conditions in (coastal) sediments, such as the 532 

oxygen concentrations in the overlying water column or the quantity and quality of organic 533 

matter supplied to the sediment (Beck et al., 2008b). But also the rate of sediment 534 

accumulation, the occurrence of sediment disturbance, either by burrowing organisms or 535 

physical re-working and the availability of respective electron acceptors may influence the 536 

biogeochemical processes in the sediment as well (e.g., Sholkovitz, 1973; Aller et al., 1986). 537 

In the following possible controlling factors for spatial differences in dominating organic 538 

matter mineralisation pathways and redox conditions in Potter Cove sediments are 539 

discussed. 540 

 541 

5.5.1 Availability of substrate 542 

The quantity of organic carbon, which is buried in the sediment, forms certainly one of the 543 

major controls on sedimentary redox processes. Jørgensen et al. (1982) could already show 544 

that metabolic rates, which are triggered by the amount of suitable substrate, are positively 545 

correlated to the level of reducing conditions. TOC concentrations in Potter Cove surface 546 
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sediments (av. 0.53 ± 0.30%) are relatively low even for siliceous muds and oozes from the 547 

Antarctic continental shelf and the Bransfield Basin (av. 1.2–1.5%; Dunbar et al., 1989; 548 

Barcena et al., 1998) but comparable to values found by Milliken et al. (2009) and Monien et 549 

al. (2011) in sediments from the nearby Maxwell Bay (av. 0.3–0.4%). Higher values are 550 

particularly present in the (north)western part of the cove (0.5–1.3%), whereas TOC 551 

concentrations are lower (<0.4%) or even near zero in the newly ice-free areas in the east 552 

close to the glacier front (Fig. 7). With average molar TOC/TN ratios close to the ratio 553 

expected for phytoplankton (c. 6.6; Redfield et al., 1963) and local macroalgae (5.8–11.7; 554 

Weykam et al., 1996), a predominantly marine source for the organic material in Potter Cove 555 

sediments (6.1 ± 1.5) is indicated. As this average ratio is significantly lower than TOC/TN 556 

values of local mosses (40 ± 19), lichens (114 ± 46), liverworts (55 ± 3), grasses (21 ± 4) or 557 

freshwater algae from the adjacent lakes (8.3 ± 1.4) (Lee et al., 2009), an appreciable input 558 

of terrestrial and therefore less digestible organic matter from the enclosing peninsulas can 559 

be excluded. However, although primary production is generally high in the neritic zones 560 

around Antarctica (Martin et al., 1990), this is not the case for Potter Cove and adjacent 561 

areas where summer chlorophyll a (chl a) concentrations are generally below 1 mg m-3 562 

(Schloss et al., 2012). Schloss et al. (2002) argue that a combination of several physical 563 

conditions, including an unfavourable depth of turbulent vertical mixing and the shading of 564 

surface waters by melt water derived suspended particulate matter may be a possible reason 565 

for relatively low phytoplankton growth in Potter Cove during austral summer. Therefore, it is 566 

more probable that macroalgae may represent a relevant contributor to the sedimentary TOC 567 

pool as it has already been proposed by Quartino et al. (2008). This may be supported by the 568 

fact that higher TOC concentrations are particularly found in surface sediments that are 569 

located adjacent to the hard bottom dominated areas in the outer and the western part of the 570 

inner cove (Fig. 7). In these zones, which are already ice-free since at least c. 60 years 571 

(Rückamp et al., 2011), high abundances of macroalgae are found whereas the newly ice 572 

free areas close to the glacier front are still only sparsely settled (Quartino et al., 2013). 573 

However, a higher accumulation of glacigenous material close to the glacier front, which 574 
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would dilute the TOC content in the sediment has to be considered as well. In any case, the 575 

lack of metabolisable organic material in the surface sediments in the eastern coast close to 576 

the glacier may to some extent serve as an explanation for less reducing conditions present 577 

in the sediments in this area. However, it fails to clarify the dominance of metal oxide 578 

reduction processes in the deposits of the deeper troughs of the central cove (P05, P08). 579 

Interestingly, their TOC concentrations are comparable or even higher than those present in 580 

surface sediments along the southern coast (0.2–0.5% vs 0–0.3%; Fig. 7). 581 

 582 

5.5.2 Availability and reactivity of electron acceptors 583 

Another controlling factor may be the availability and reactivity of respective electron 584 

acceptors, which are closely linked to organic matter mineralisation. According to Froelich et 585 

al. (1979) and Canfield and Thamdrup (2009) aerobic respiration is followed by the reduction 586 

of nitrate, Mn(IV), Fe(III), sulphate and finally methanogenesis. Their order of utilisation is 587 

based on the thermodynamics of the processes and the energy available to the organisms; 588 

an overlap between some of these processes is also possible (Canfield and Thamdrup, 589 

2009). Whereas sulphate is practically non-limiting in marine subsurface sediments due to its 590 

high concentration in seawater (Jørgensen, 1982), this is not necessarily true for reducible 591 

Fe phases. It is commonly accepted that only a fraction of the sedimentary iron is on the 592 

short-term available for microbially mediated iron reduction. Iron reactivity depends on 593 

factors, like mineralogy, crystallinity, and grain size (Postma, 1993 and references therein). 594 

Consequently, iron reduction will only dominate over sulphate reduction as long as the 595 

sediments still contain reactive iron (oxyhydr)oxide minerals, such as ferrihydrite, 596 

lepidocrocite, goethite and haematite, whose half-lives with respect to reductive dissolution 597 

and sulphidation range between some minutes to a couple of days (Canfield et al., 1992; 598 

Raiswell and Canfield, 1996; Poulton et al., 2004). However, when this pool of reactive metal 599 

oxides and iron (oxyhydr)oxides in particular is exhausted, as it is the case at some locations 600 

along the southern coast of the bay (P07), sulphate reduction is the predominant pathway of 601 

organic matter degradation. This is not only indicated by the lack of significant enrichments in 602 
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dissolved Mn and Fe, but also by the occurrence of free H2S in the pore water, which is no 603 

longer required for precipitating FeS2 or its precursor FeS. 604 

The situation is different in the central cove and close to the glacier front, where sulphate 605 

depletion seems to be negligible and where moderate increases in terminal products of 606 

metabolism (TA, PO4
3-) are linked to high Mn and Fe concentrations. A similar phenomenon 607 

was observed by Aller et al. (1986) who investigated muds from the inner Amazon shelf. 608 

They related the presence of extensive iron reduction zones (>1 m), which showed no 609 

evidence of significant sulphate depletion, to the periodical regeneration of the reactive Fe 610 

pool by physical re-working. Particularly for shallower coastal Antarctic regions it is known 611 

that anchor ice, iceberg scouring and water turbulence produced by tides and waves are 612 

disturbance mechanisms affecting the surface sediments and the coastal biota (Arntz et al., 613 

1994). It is probable that these mechanisms are also responsible for physical re-working of 614 

Potter Cove sediments although we would rather expect this for the shallower areas at the 615 

southern coast. The occurrence of sediment resuspension events in Potter Cove during 616 

times when strong eastern winds lead to a homogenisation of the water column was already 617 

shown by Klöser et al. (1994). Preserved ice growlers and ice furrows evidencing the 618 

occurrence of iceberg scouring could moreover be detected mainly in the central part of the 619 

cove by side-scan sonar data (Pasotti et al., accepted manuscript). In addition, an enhanced 620 

activity of burrowing organisms in well-bioturbated surface sediments has to be considered 621 

as well. 622 

A further and more likely possibility could be the increased deposition of reactive iron-rich 623 

material at these locations. Every year during the summer months c. 3,000 t of fine-grained 624 

suspended particulate matter (SPM) are transported into the cove by sediment laden melt 625 

water streams on Potter Peninsula (D. Monien, personal communication). These calculations 626 

do not include the subglacial input of SPM from underneath the Fourcade Glacier front, 627 

which was estimated to be even higher (c. 24,000 t yr-1; D. Monien, personal 628 

communication). Granulometric analyses let assume that most of this fine-grained material is 629 

deposited in the newly ice-free areas close to the glacier and in the deeper central cove (A. 630 
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Wölfl, personal communication). This is in line with an up-to-date current circulation model, 631 

which shows that these deeper troughs possibly act as depocentres for this fine-grained 632 

material (Lim, 2014). In addition, leaching experiments have shown that this SPM contains 633 

appreciable amounts of dithionite leachable iron (FeD: 2.1–2.9%; D. Monien, personal 634 

communication; Brünjes, 2013), which can potentially be reduced by microorganisms. This 635 

FeD content is significantly higher than that found by other authors for iceberg-hosted 636 

sediment in this area (FeD: 0.4–1.04%; Raiswell, 2011). The increased availability of reactive 637 

iron is also reflected in the ratio of FeD and total iron in Potter Cove sediments (0.44 ± 0.04; 638 

Brünjes, 2013; D. Monien, personal communication), which is higher than the compiled ratio 639 

of 0.26 ± 0.09 found by Raiswell and Canfield (1998) for other continental margin, deep sea 640 

and dysaerobic sediments. One possible explanation for this may be the enhanced Fe oxide 641 

supply by pyrite oxidation. Dold et al. (2013), for instance, found evidence for acid rock 642 

drainage (ARD) resulting from the microbially mediated oxidation of sulphide minerals in 643 

nearby Cardozo and Marian coves. Although trace metal and pH/Eh data obtained from 644 

superficial runoff on Potter Peninsula and from Potter Cove water column (D. Monien, 645 

personal communications; Eraso and Dominguez, 2007) do not show any evidence for ARD 646 

in the Potter Cove system, the infiltration of local pore waters by Fe2+-rich groundwaters 647 

cannot be completely ruled out.  648 

 649 

5.6 Coastal pore waters as a significant source of trace metals and micronutrients in 650 

the Antarctic region 651 

Iron is considered to be an important micronutrient for marine primary producers (e.g., Martin 652 

et al., 1990; Coale et al., 2004). Particularly in vast regions of the Southern Ocean iron limits 653 

algae bloom development in this HNLC (high nutrient-low chlorophyll) area (Martin et al., 654 

1990; Lancelot et al., 2009). Therefore, the knowledge about contributors to the iron pool of 655 

this system is of utmost importance. In addition to aeolian input, the contribution from acid 656 

rock drainage and glacial flours, upwelling of replete deeper water masses, release of 657 

terrigineous material from icebergs and iron-bearing subglacial streams, suboxic shelf 658 
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sediments are discussed to be a potential source of bioavailable iron (Feb) to the ocean 659 

(Raiswell et al., 2006; Planquette et al., 2007; Raiswell et al., 2008; Dulaiova et al., 2009; 660 

Tagliabue et al., 2010; Raiswell, 2011; Shaw et al., 2011; de Jong et al., 2012; Measures et 661 

al., 2012; Raiswell and Canfield, 2012 and references therein; Dold et al., 2013; Hatta et al., 662 

2013; Measures et al., 2013; Hopwood et al., 2014). Only a small amount of microbially 663 

reduced and remobilised Fe(II), which diffuses from the sediment into the oxic water column 664 

will be stabilised by natural organic ligands as aqueous Fe(III) (Rue and Bruland, 1995), a 665 

form that is principally bioavailable (Chen and Wang, 2001). Most of the iron will be rapidiy 666 

re-oxidised to Fe(III) and due to its low solubility in oxic seawater precipitated as extremely 667 

reactive nanoparticulate ferrihydrite (Raiswell and Anderson, 2005). These ferrihydrites are 668 

to some extent scavenged by suspended material and re-deposited in the sediment, where 669 

they can easily be reduced again. A certain amount may be kept in suspension and 670 

transported for longer distances across the shelf (Lam et al., 2012). By vertical diffusion or 671 

during upwelling events these reactive and labile iron phases may be delivered to the mixed 672 

surface layer and represent a key source of bioavailable iron as could be shown by Lam and 673 

Bishop (2008) for the HNLC western Subarctic Pacific. Using naturally occurring radium 674 

isotopes as a tracer for shelf-derived components Dulaiova et al. (2009) could show that the 675 

entrainment of iron-rich waters from the South Shetland Islands shelf into HNLC waters of 676 

the southern Drake Passage seems to be an effective transport mechanism for this 677 

biolimiting micronutrient. This is supported by more recent studies from this region, which 678 

combined phytoplankton abundances, trace metal (Al, Fe, Mn) and transmissometer data of 679 

surface waters (<500 m water depth) (Hatta et al., 2013; Measures et al., 2013). These 680 

authors reported significant lateral fluxes of Fe from the Antarctic Peninsula shelf to the Fe 681 

depleted ACC. Moreover, they concluded that the process of sediment resuspension as the 682 

ACC water reaches the AP shelf and the concurrent release of diagenetically produced iron 683 

from suboxic shelf sediments is the most likely iron source. This shelf-derived iron, in turn, 684 

will be rapidly transported offshore by the local current system and may fuel extensive 685 

phytoplankton blooms in areas downstream of the Ona Basin and the Scotia Sea (Hatta et 686 
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al., 2013; Measures et al., 2013; Zhou et al., 2013). However, while they could estimate the 687 

iron supply into offshore waters of the southern Drake Passage, they were not able to 688 

calculate Feb fluxes originating from the shelf due to the lack of pore water data. 689 

Using the REC model after Lettmann et al. (2012) we were able to estimate Fe fluxes derived 690 

from Potter Cove sediments ranging between c. 1.4 and 155 mmol m-2 yr-1 (median: 691 

15 mmol m-2 yr-1; Table 3). It is important to state here that this flux does not represent the 692 

flux of truly dissolved Fe and may include a considerable contribution from acidified 693 

nanoparticles, colloidals and iron bound by organic ligands. These iron species may, 694 

however, be made bioavailable by photoreduction in the euphotic zone or by remineralisation 695 

processes (Boyd and Ellwood, 2010). Recent studies even suggest a direct uptake of 696 

colloidal and ligand-bound iron by certain phytoplankton species (Boyd and Ellwood, 2010 697 

and references therein; Jiang et al., 2013). Nonetheless, we have to keep in mind that the 698 

iron flux in this area may still be a conservative estimate for the average Fe flux from the 699 

Antarctic shelf since iron reduction may play an even more significant role in deeper (c. 700 

500 m) hemipelagic areas. Moreover, it should be noted that our model only assumes an iron 701 

supply by diffusive fluxes neglecting the influence of physical sediment re-working (e.g. by 702 

iceberg scouring and sediment resuspension), which may represent an important factor for 703 

the release of dissolved iron from the sediment in this region (see chapter 5.5.2). Modelling 704 

results based on a generic shelf sediment reveal that bioirrigation can account for up to 99% 705 

of the total benthic recycling flux (Raiswell and Canfield, 2012). 706 

In order to assess the significance of benthic recycling in Antarctic shelf sediments as a 707 

source for bioavailable iron in the Southern Ocean some assumptions have to be made. 708 

According to Elrod et al. (2004) the flux of recycled iron will be most efficiently transported to 709 

surface waters to fuel primary production by upwelling at the eastern shelf margins. Since 710 

these regions make up 5% of the global shelf area it may be reasonable to choose an export 711 

efficiency of 5% for the shelf flux. This is still a very conservative assumption since it neglects 712 

significant iron supply from more remote shelf areas by lateral transport, which recent studies 713 

could show to be significant (Dulaiova et al., 2009; Hatta et al., 2013; Measures et al., 2013). 714 
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In addition, once the bioavailable iron has reached the upper water column we also have to 715 

account for a continuous vertical loss of iron by biological (removal by sinking faecal pellets 716 

and cell aggregates after ingestion by microorganisms) and abiotic processes (colloidal 717 

hydrolysis and subsequent scavenging by aggregation and adsorption onto sinking inorganic 718 

particles). By using Fe/Th ratios and 234Th/238U disequilibrium in offshore waters of the 719 

Elephant Island region (AP) Dulaiova et al. (2009) estimated that this vertical loss of 720 

dissolved Fe could amount to about 25%.  721 

If we now consider that all Antarctic shelf areas with a maximum depth of 500 m 722 

(2.4 x 106 km2; based on bathymetry data taken from Timmermann et al., 2010 and the 723 

grounding line position after Bindschadler et al., 2011) generate an iron flux comparable to 724 

the fluxes calculated for Potter Cove sediments and if we further consider that all Fe reaches 725 

the mixed surface layer with the export efficiency given above (5%) allowing for a vertical 726 

loss of nanoparticulate Fe in overlying seawater of 25%, the Antarctic shelf areas would 727 

contribute 6.9 x 103 to 790 x 103 tonnes per year to the pool of bioavailable iron (median: 728 

77 x 103 t yr-1). Consequently, these shelf sediments would provide an Feb flux of 0.35–729 

39.5 mg m-2 yr-1 (median: 3.8 mg m-2 yr-1) to the Southern Ocean (based on a total area of c. 730 

20 x 106 km2; Shaw et al., 2011). Even this presumed minimum flux is higher than the input 731 

by acid rock drainage (0.05 mg m-2 yr-1 Feb; Dold et al., 2013), aeolian dust (0.04–1 mg m2 yr-732 

1 Feb; Lancelot et al., 2009; Shaw et al., 2011; Raiswell and Canfield, 2012) and anoxic 733 

subglacial meltwaters (0.0055–5.5 mg m-2 yr-1 Feb; Wadham et al., 2013) (Table 4). Previous 734 

estimates of shelf-derived input of bioavailable iron range between 0.05 (Lancelot et al., 735 

2009) and 0.64–1.6 mg m-2 yr-1 (Tagliabue et al., 2010) Feb and are therefore lower than our 736 

estimate if we consider the same export efficiency of 5% (Table 4). However, recent studies 737 

could show that these Feb fluxes that are based on ocean models or fluxes measured by 738 

Elrod et al. (2004) on the Californian Shelf might be underestimated. For their transect near 739 

Elephant Island, for example, Dulaiova et al. (2009) calculated a supply of dissolved iron of 740 

2.3 x 103 t yr-1. If this is scaled up for the whole bloom area north of the island 741 

(250 x 250 km), this would translate into a flux of 37 mg m-2 yr-1 (Dulaiova et al., 2009), which 742 
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is similar to our estimations (Table 4). The fact, that these fluxes are moreover comparable to 743 

the contribution of iceberg–hosted material, which is assumed to be 2–20 mg m-2 yr-1 Feb 744 

(Shaw et al., 2011) and 37.5–62.5 mg m-2 yr-1 Feb (Raiswell and Canfield, 2012) (Table 4) 745 

makes Antarctic shelf sediments one of the major sources of bioavailable iron for the HNLC 746 

regions of the Southern Ocean. 747 

 748 

6. CONCLUSIONS 749 

For the first time, redox-sensitive trace elements and nutrients are used to describe redox 750 

conditions and biogeochemical processes in pore waters from coastal sediments at King 751 

George Island, western Antarctic Peninsula. We could show that sulphate reduction is the 752 

major pathway of organic matter mineralisation in the shallower areas at the southern coast 753 

of Potter Peninsula and on a transect towards the northwestern area of the inner Potter 754 

Cove. Sulphate reduction rates in the upper 20 cm of these sediments (0.23–0.56 mol m-2 yr-755 

1) are comparable to rates found in coastal sediments off Greenland but an order of 756 

magnitude lower than known from nearshore deposits in other subantarctic or temperate 757 

regions. In contrast, microbial manganese and dissimilatory iron reduction processes are 758 

dominant in the deeper troughs of the central cove and in the newly ice-free area in glacial 759 

proximity. We suggest that a combination of enhanced physical and biological disturbance by 760 

bottom water currents, ice scouring and burrowing organisms, the increased accumulation of 761 

melt water derived, fine-grained material with high amounts of reducible metal oxides and the 762 

reduced availability of metabolisable organic matter favours metal oxide reduction over 763 

sulphate reduction in these respective regions. Based on modelled iron fluxes we calculate 764 

that the Antarctic shelf contributes 6.9 x 103 to 790 x 103 t yr-1 to the pool of bioavailable iron 765 

(Feb), which would translate into an Feb flux  of 0.35–39.5 mg m-2 yr-1 (median: 3.8 mg m-2 yr-766 

1) to the Southern Ocean. This contribution is presumed to be in the same order of 767 

magnitude as the flux provided by icebergs and significantly higher than the input by aeolian 768 

dust or previous estimates for the continental shelf. This makes the suboxic shelf sediments 769 

a key source of iron for the HNLC areas of the Southern Ocean. As a consequence of 770 



 29 

enhanced glacier retreat and melt water fluxes and the resulting rise of accumulation of iron-771 

rich sediment on the shelf (Monien et al., 2011; Majewski et al., 2012), it can be assumed 772 

that the role of Antarctic shelf sediments for the natural iron fertilisation of the Southern 773 

Ocean may even gain in importance in the future. This may particularly be true for the 774 

contribution of sediments from shallow shelf areas, since increased melting may also 775 

increase stratification, which in turn may cut off the Fe supply from deeper waters for broad 776 

areas of the shelf making these shallow sediment sources even more important. 777 
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Figures and Tables 1158 

 1159 

Fig. 1.  Map of the study site with sampling locations. Sediment cores (squares) and 1160 

surface samples (grey dots) were taken during austral summers 2009/2010 1161 

and 2010/2011. Black squares mark sediment cores where pore water data 1162 

are available. 1163 

 1164 

Fig. 2.  Pore water profiles of nutrients (NO3
-, NH4

+, PO4
3-), redox-sensitive trace 1165 

metals (Fe, Mn, Mo, U, Re), sulphate depletion (SO4
2-

dep), H2S, and total 1166 

alkalinity (TA) from core P04 close to the tidewater glacier front. 1167 

 1168 

Fig. 3.  Pore water profiles of nutrients (NO3
-, NH4

+, PO4
3-), redox-sensitive trace 1169 

metals (Fe, Mn, Mo, U, Re), sulphate depletion (SO4
2-

dep), H2S, and total 1170 

alkalinity (TA) from cores P05 (black dot) and P08 (white triangle) obtained 1171 

from the central Potter Cove. 1172 

 1173 

Fig. 4. Pore water profiles of nutrients (NO3
-, NH4

+, PO4
3-), redox-sensitive trace 1174 

metals (Fe, Mn, Mo, U, Re), sulphate depletion (SO4
2-

dep), H2S, and total 1175 

alkalinity (TA) from cores P07 (black dot) and K48 (white triangle) obtained 1176 
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close to the southern coast of Potter Peninsula. Note that no NH4
+ and H2S 1177 

data is available for core K48. 1178 

 1179 

Fig. 5.  Ratios of total alkalinity (TA) to sulphate depletion (SO4
2-

dep) in pore waters 1180 

from Potter Cove sediments with best-fit linear regressions. 1181 

 1182 

Fig. 6.  a) Pore water profiles of sulphate (SO4
2-) and b) modelled sulphate reduction 1183 

rates (SRR) for the upper 20 cm of cores P07, KX4, K23, and K48 using the 1184 

REC model after Lettmann et al. (2012) and a smoothing parameter λ of 10. 1185 

For more information about λ see Lettmann et al. (2012). 1186 

 1187 

Fig. 7.  Contourplots of several pore water (Fe, Mn, SO4
2-

dep, PO4
3-, TA) and solid 1188 

phase parameters (TOC, TS) of Potter Cove sediments. 1189 

 1190 

Table 1.  Overview of pore water core locations, including sampling date, UTM 1191 

coordinates (Zone Z21E; WGS84), water depth, coring gear and core length 1192 

(recovery in brackets). GC: gravity corer, PC: push corer. 1193 

 1194 

Table 2.  Precision and accuracy of pore water (Fe, Mn, Mo, Na, Re, U, PO4
3-, NOx

-, 1195 

NO2
-, NH4

+, SO4
2-) and solid phase (TS, TC, TIC) analyses of Potter Cove 1196 

sediments. Precision is given as relative standard deviation (RSD%). In case 1197 

of TOC and NO3
- accuracy and precision represent the relative maximum 1198 

errors. 1199 

 1200 

Table 3.  Total fluxes of dissolved iron derived from selected Potter Cove sediments 1201 

estimated by using the REC model after Lettmann et al. (2012) and a 1202 

smoothing parameter λ of 10. For more information about λ see Lettmann et 1203 

al. (2012). 1204 
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 1205 

Table 4.  Compilation of inputs and fluxes of bioavailable iron (Feb) to the Southern 1206 

Ocean from different sources. Data are from a this study, b Lancelot et al. 1207 

(2009), c Tagliabue et al. (2010), d Dulaiova et al. (2009), e Dold et al. (2013), f 1208 

Raiswell and Canfield (2012), g, Shaw et al. (2011), and h Wadham et al. 1209 

(2013). Export efficiencies are 5% for shelf-derived fluxes (*) and 1% for 1210 

subglacial meltwaters (+). Note that the shelf-derived Fe flux given by Dulaiova 1211 

et al. (2009) is based on an area of 250 x 250 km. 1212 



Core name Sampling Date Grid Easting Northing
Water Depth 

(m)
Gear

Core length 

(cm)

PC/P01 28/12/2011 21E 414712 3099674 ~30 GC 29.0

PC/P02 17/01/2011 21E 414796 3099363 9.7 GC 45.0 (44.0)

PC/P03 04/02/2011 21E 414146 3099280 32 GC 45.0 (44.0)

PC/P04 04/02/2011 21E 414593 3099976 43 GC 43.0

PC/P05 08/01/2011 21E 413518 3099007 36 GC 30.0 (28.0)

PC/P06 20/01/2011 21E 413473 3099270 37 GC 27.0

PC/P07 20/01/2011 21E 413256 3098391 4.7 GC 26.0

PC/P08 01/02/2011 21E 413100 3099000 42 GC 37.0

PC/K17 11/02/2010 21E 413075 3098606 23 GC 27.0 (25.0)

PC/K23 28/01/2010 21E 412888 3098794 29 GC 29.0

PC/K48 01/03/2010 21E 413906 3098827 12 PC 17.5 (16.0)

PC/KX1 03/02/2010 21E 413304 3098560 21 PC 18.5 (18.0)

PC/KX4 18/02/2010 21E 414493 3099121 10 PC 27.0 (24.0)

Table 1 - Core locations



Precision (%) Accuracy (%)

NOx
-

5.0 2.0

NO2
-

4.2 -2.6

NO3
-

6.0 2.5

NH4
+

2.9 1.3

TA 2.8 0.03

Na 1.4 5.7

PO4
3-

1.0 0.2

SO4
2-

1.4 -5.3

Mn 4.1 -2.0

Fe 3.0 -2.0

Mo 1.7 0.1

Re 7.5 -11.2

U 2.1 -1.7

TS 5.0 2.5

TC 1.2 -0.6

TIC 1.0 0.5

TOC 2.4 -0.8

Table 2 - Accuracy and precision of methods



Core
Total iron flux (mmol m

-

2 
yr

-1
)

P01 15

P02 4

P04 14

P05 155

P08 114

KX4 1

Table 3 - Iron fluxes of Potter Cove



Source Input Feb (x 10
3
 t yr

-1
)

Shelf sediments 6.9–790* 0.35–39.5 a

1.05* 0.05 b

13–32* 0.64–1.6 c

2.3 37 d

Acid rock drainage 1 0.00005 e

Dust 4.1–20 0.21–1 f

0.05–0.25 g

0.8 0.04 b

Icebergs 750–1250 37.5–62.5 f

40–400 2–20 g

Subglacial meltwater (anoxic) 0.11–110
+ 0.0055–5.5 h

Flux Feb Southern Ocean (mg m
-2 

yr
-1

)

Table 4 - Compilation of iron fluxes to the Southern Ocean
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Fig. 1 - Map of study site



0

10

20

30

0 10 20

0

10

20

30

2 6 10 14

0

10

20

30

0 4 8

0

10

20

30

0 200 400

0

10

20

30

0 20 40

0

10

20

30

0 100

0

10

20

30

0 100 200

0

10

20

30

0 300 600

0

10

20

30

0 20 40

NO
3

- (µM) Fe (µM)Mn (µM)

TA (mM)

Mo (nM)

SO
4

2-

dep
 (mM)

U (nM)Re (nM)

PO
4

3- (µM)

0

10

20

30

0 0.6 1.2

NH
4

+ (mM) H
2
S (µM)

0

10

20

30

0 100

not 

detected

D
e

p
th

 (
c

m
b

s
f)

D
e

p
th

 (
c

m
b

s
f)

Fig. 2 - Pore water profiles core P04
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